[1] A cloud resolving model coupled with a spectral bin microphysical scheme was used to investigate the effects of deep convection on the concentration and size distribution of aerosol particles within the upper troposphere. A deep convective storm that occurred on 1 December, 2005 in Darwin, Australia was simulated, and was compared with available radar observations. The results showed that the radar echo of the storm in the developing stage was well reproduced by the model. Sensitivity tests for aerosol layers at different altitudes were conducted in order to understand how the concentration and size distribution of aerosol particles within the upper troposphere can be influenced by the vertical transport of aerosols as a result of deep convection. The results indicated that aerosols originating from the boundary layer can be more efficiently transported upward, as compared to those from the mid-troposphere, due to significantly increased vertical velocity through the reinforced homogeneous freezing of droplets. Precipitation increased when aerosol layers were lofted at different altitudes, except for the case where an aerosol layer appeared at 5.4-8.0 km, in which relatively more efficient heterogeneous ice nucleation and subsequent Wegener-Bergeron-Findeisen process resulted in more pronounced production of ice crystals, and prohibited the formation of graupel particles via accretion. Sensitivity tests revealed, at least for the cases considered, that the concentration of aerosol particles within the upper troposphere increased by a factor of 7.71, 5.36, and 5.16, respectively, when enhanced aerosol layers existed at 0-2.2 km, 2.2-5.4 km, and 5.4-8.0 km, with Aitken mode and a portion of accumulation mode (0.1-0.2 mm) particles being the most susceptible to upward transport.
Introduction
[2] The upper troposphere (UT) plays an important role in chemistry-climate coupling and the radiative forcing of the climate system [Shepherd, 2007] . Aerosol particles uplifted to this layer could affect the radiative balance by direct scattering and the absorption of solar and terrestrial radiation, or can modify cloud optical properties by acting as cloud condensation nuclei (CCN) and ice nuclei (IN) [Zhang et al., 1998; Ekman et al., 2004; Yin et al., 2005; Wu et al., 2011] . From CALIPSO lidar measurements, Vernier et al. [2011] noticed the persistence of an aerosol layer at the level of the tropopause within the Asian monsoon region, and suggested that it may have an important impact on the radiative and chemical balance of the global UT.
[3] Deep convective clouds provide an efficient mechanism for pumping aerosol particles from the planetary boundary layer into the UT [Cui and Carslaw, 2006; Hermann et al., 2008; Froyd et al., 2009; Fierli et al., 2011] . Using numerical simulation, Wu et al. [2011] pointed out that biomass burning aerosols may significantly warm the UT through local radiative heating when uplifted into this layer by deep convection, and can lead to significant moistening in the UT. Su et al. [2011] verified this result by determining that the increase in water vapor within the tropical tropopause was closely correlated to the enhancement of the particle population. De Reus et al. [2001] also provided evidence and found that elevated nucleation mode particles in the layer between 8 and 12.5 km originated from the outflow of large convective clouds during the Indian Ocean Experiment (INDOEX). On the other hand, Andreae et al. [2001] indicated that deep convective clouds could effectively scavenge most of the aerosol particles of accumulation mode, but could also allow the vertical transport of Aitken mode particles to the cloud top. Ekman et al. [2004 Ekman et al. [ , 2006 also reached similar conclusions based on numerical simulations.
[4] During vertical transport, aerosol particles can have an important impact on dynamic and microphysical processes, as well as on precipitation formation in convective clouds. Many previous studies have considered the response of convective cloud properties and precipitation to changes in the number concentration and the size distribution of background aerosol particles [e.g., Yin et al., 2002; Khain and Pokrovsky, 2004; Lee and Feingold, 2010; . Several studies indicate that the responses of cloud parameters and precipitation amount to changes in the concentration of aerosol particles were nonlinear, and that either the updrafts or precipitation may increase or decrease depending on the CCN concentration, as well as environmental atmospheric conditions [Ekman et al., 2007; Zhang et al., 2009; Fan et al., 2007; Lee et al., 2008 Lee et al., , 2009 Ntelekos et al., 2009; Martins et al., 2009; . Therefore, the response of aerosol properties within the UT to vertical transport by deep convection may vary with different background aerosol conditions and the altitude of the aerosol particles being transported.
[5] In the present study, a cloud resolving model, coupled with a spectral bin microphysical scheme, was used to investigate the effects of deep convection on the concentration and size distribution of aerosol particles within the upper troposphere. A two-dimensional spectral resolving cloud model was utilized, and special attention was paid to the impact of aerosol layers at different altitudes on the characteristics of the aerosols within the UT, due to deep convection and physical mechanisms during transport.
[6] The paper is organized as follows: In section 2, the model description and the initialization are provided. In section 3, the dynamics and the microphysics of the simulated thunderstorm are compared to available measurements, and followed by sensitivity tests in order to investigate the response of aerosol properties within the UT to aerosol layers originating at different altitudes. A summary and conclusions are presented in section 4.
The Model Description and the Setup of Numerical Experiments

The Numerical Framework
[7] To represent deep convection, the two-dimensional cloud-resolving model (CRM) [Tao et al., 2003] developed at NASA/GSFC was chosen as the dynamic framework [Johnson et al., 2002] . Detailed equations for the dynamic processes included in the CRM are described by Soong and Ogura [1980] , Soong and Tao [1980] , and Tao and Simpson [1993] . The parameterization for subgrid-scale (turbulence) processes was based on Klemp and Wilhelmson [1978] and Soong and Ogura [1980] . The effect of condensation on the generation of subgrid-scale kinetic energy was also incorporated into the model based on Tao and Simpson [1993] .
[8] The spectral (bin) microphysical scheme for cloud processes developed at Tel Aviv University [Tzivion et al., 1987; 1989; Feingold et al., 1988; Reisin et al., 1996; Yin et al., 2000] , and the liquid-phase chemical processes of Yin et al. [2005] were adopted, allowing horizontal and vertical transport and diffusion, as well as the impaction scavenging of aerosol particles by cloud particles. Four species of hydrometeors are considered in the model, as follows: liquid drops, ice crystals, graupel particles, and aggregates (snowflakes).
[9] In this study, a new parameterization approach for heterogeneous ice nucleation, as proposed by DeMott et al. [2010] , was introduced in the model. The approach considers the influence of the concentration of aerosol particles on the concentration of ice nuclei. Therefore, the concentration of ice particles nucleated at the grid point was constrained not only by temperature and water vapor, as in previous models, but also by the concentration of aerosol particles available at that location.
[10] The computational domain was comprised of 1,024 Â 33 grid points with a horizontal resolution of 1 km. Separate numerical tests with a grid size of 750 m indicated that, with the exception of a 7-min advance in cloud formation, main characteristic values such as maximum updraft and the peak radar echo are generally similar to that reported in this paper, also agreed with the conclusion of Bryan and Morrison [2012] that convective clouds with a larger horizontal grid spacing are slower to develop. There are 33 stretched vertical levels with a resolution ranging from 200 m near the surface to approximately 1 km at the uppermost model level. The time step was 5 s, and the total integration time was 120 min in all of the runs. . The lapse rate of the temperature in the lowest 1.5 km was modified to 0.98 K/100 m to mimic the temperature profile when convection occurred [Schafer et al., 2001] . In all of the numerical runs, convection was triggered by a warm bubble $30 km wide and 3 km deep, placed 1.5 km above the ground and at the horizontal center of the model domain. The maximum temperature perturbation was 3 K at the center of the bubble, with the amplitude decreasing in proportion to the square of the distance away from the center. The vertical and horizontal velocities of the wind were assumed to be zero at the initial time.
Design of the Numerical Experiments
[12] The concentration and size distribution of background aerosol particles were based on the in situ measurements given by Allen et al. [2008] and Qu [2009] , and are shown in Figure 2a in order to represent the average spectra of aerosol particles measured during the biomass burning season. Aerosol particles were assumed to be externally mixed and were composed of two species (i.e., water-soluble and water-insoluble particles). Soluble particles were assumed to be composed of ammonium sulfate, regardless of size [Yin et al., 2005] . In addition, the fraction of water-soluble material in background aerosol was assumed to be 24.96% of the total mass [Allen et al., 2008] , which could be removed by nucleation scavenging. Particles larger than 0.5 mm in diameter can also act as ice nuclei (IN) and participate in heterogeneous ice nucleation [DeMott et al., 2010] . Since the concentration of these particles (usually less than 10 1 L À1 in the lower to mid-troposphere) are several orders of magnitude smaller than the total particle concentration (10 2 $10 6 cm À3 ), the depletion of dry aerosol particles by ice forming processes was ignored. The vertical profile of the concentration of aerosol particles below 4 km was determined based on the analysis of ACTIVE data by Qu [2009] . The particle concentration above 4 km was assumed to decrease exponentially with height ( Figure 2b ). The case simulated with the conditions mentioned above was named the CONTROL case.
[13] Depending on the synoptic conditions, aerosol particles can be transported to various altitudes [Heald et al., 2006; Tsai et al., 2008; Stith et al., 2009] . To simulate the effect of aerosols lofted at different altitudes and the aerosol properties of the UT, aerosol layers were purposely added (Table 1) . LAYER1 represents the situation (except for the background particle concentration) with additional aerosol pollution in the boundary layer. LAYER2 and LAYER3 were initialized with an aerosol layer in the mid-troposphere below 8 km; while the LAYER4 and LAYER5 cases represent situations for which aerosol layers were located above 8 km [Devine et al., 2006] . The spectrum for aged aerosols observed by Roberts et al. [2006] was used as the input for the aerosol layers.
[14] To evaluate the response of simulated microphysical parameters for deep convective clouds to changes in aerosol layers, the population mean (the p-mean) of a given variable similar to that of Wang [2005b] and Li et al. [2008] was used to represent the averaged value over all qualified grids and during the entire simulation period.
Results and Discussions
Comparison With Radar Measurements
[15] Figure 4 provides the peak radar reflectivity simulated at 60 min for the CONTROL case, as compared with observations obtained by the C-band dual-polarization Doppler radar (C-Pol) at Gunn Point, just north of Darwin at 05:50 UTC. The major structure of the storm was well reproduced by the model, especially for the horizontal and vertical range of radar reflectivity larger than 50 dBz. However, the area with a weaker radar echo near the surface was not fully generated by the model, and the vertical extent of the radar echo simulated by the model was also slightly lower than the observations. The convective core (≥45 dBz) in the simulation appeared above 1 km, higher than the one observed. The approach of a warm bubble used to initialize the cloud may be partially responsible for discrepancies between modeled and measured radar reflectivity [Li et al., 2008] .
The Effect of Aerosol Layers on Clouds and Precipitation
[16] Figure 5 displays the time evolution of maximum updraft velocity for various cases. In the CONTROL case, the maximum vertical velocity peaked at 28 min in the simulation, and was related to the latent heat released during aerosol activation and the subsequent condensation growth (Figure 6a ). As a consequence of the homogeneous freezing of liquid droplets, the vertical velocity reached a secondary maximum value between 40 and 55 min. At this stage, the cloud had already developed to the altitude of 15 km (Figure 6b ). The updraft slightly increased again after 65 min of simulation with the formation and rapid growth of graupel particles through the accretion of liquid drops. It should be noticed that the maximum vertical velocity at 28 min was larger than that at 75 min ( Figure 5 ), but the wind vectors plotted in Figure 6b were longer than those in Figure 6a . This was caused by the stretched vertical grids of the model with coarse and fine resolution within the upper and lower levels, respectively.
[17] Similar to the CONTROL case, that the first increase in updraft velocity occurred from 28 to 38 min within the LAYER1 case was correlated with the efficient activation of aerosol particles lofted above the surface. With the help of the enhanced aerosol layer, the maximum concentration of droplets reached 637.8 cm À3 in the LAYER1 case, as compared to 442.4 cm À3 for the CONTROL case. The enhanced droplet concentration was then raised to higher altitudes and froze, resulting in the enhanced production of ice crystals and latent heat (Table 2) , as well as an increased vertical velocity for the LAYER1 case from 40 to 50 min. The third peak of maximum vertical velocity that appeared from 64 to 90 min was most likely attributed to intensified graupel growth. For example, the maximum growth rates for graupel particles reached 0.01071 and 0.02879 g kg À1 s À1 at 75 min for the CONTROL and LAYER1 cases, respectively.
[18] In contrast, cloud dynamics and microphysical properties changed very little when aerosol layers existed at altitudes above the mid-troposphere, such as that for the LAYER2, LAYER3, LAYER4, and LAYER5 cases ( Figure 5 and Table 2 ). The response of the updraft velocity to aerosol layers lofted at various altitudes is consistent with Fan et al. [2010] , who pointed out that CCN in the lower troposphere were more important in modifying convection than those at other altitudes.
[19] Figure 7 displays changes in the cloud top height with time for various cases. As seen from the figure, the influence of aerosol layers on cloud top height is relatively small, even for the LAYER1 case. The result is inconsistent with some satellite observation analyses [e.g., Choi et al., 2008; Christensen and Stephens, 2011] , and is partly due to the fact that only a smaller number of aerosol particles are added at the boundary layer in the LAYER1 case as compared to the background particle concentration (Figure 2a) . Also, as pointed out in other simulation studies [e.g., Cui and Carslaw, 2006; Fan et al., 2012] , the invigoration effect of CCN on deep convection clouds is not always obvious. It may also be possible that the changes in cloud top height resulting from relatively larger maximum updrafts from 60 to 80 min may not be well represented by Figure 5 due to the coarse vertical resolution close to the model top.
[20] For the cases modeled in this study, isotherms of 273 K and 235 K (homogeneous freezing level) were located at approximately 4.97 km and 10.62 km, respectively. Therefore, the aerosols added in the LAYER1 and LAYER2 cases could act as CCN, and increase the number concentration of drops, as well as ice crystals, if they were homogeneously frozen. In contrast, the particles in the LAYER3 and LAYER4 cases mainly act as IN due to high altitudes and lower temperature. For the LAYER3 case, aerosol particles were added to the layer between 5.4 and 8.0 km, with the temperature ranging from 270 K to 254 K, a more suitable condition than in the LAYER4 case for the growth of ice particles via the Wegener-Bergeron-Findeisen mechanism [Pruppacher and Klett, 1997] , leading to a decreased mean mass and number concentration for droplets due to an enhanced evaporation process (Table 2) . In turn, due to the decreased number of drops available for graupel growth via accretion, a smaller graupel mass concentration resulted.
[21] As shown in Table 2 , aerosols added in the LAYER5 case within the upper troposphere did not impact dynamic and microphysical processes. The p-mean values of the droplet number concentration in all of the simulated cases shown in Table 2 were lower as compared to other simulation studies [e.g., Fan et al., 2007] , since raindrops and cloud droplets were considered as one species in our model, and since fewer raindrops during the precipitation process led to smaller p-mean values for liquid drops.
[22] For deep convection, the response of precipitation to aerosol layers varied with the altitude of these aerosol layers ( Figure 8) . As compared to the CONTROL case, rainfall rates were larger when the aerosol concentration was enhanced at the boundary layer (the LAYER1 case). The result occurred due to the enhanced freezing of drops at higher altitudes and more melting precipitation, as discussed above, consistent with the simulation results of Fan et al. [2007] , who also illustrated that higher aerosol concentrations result in stronger convection and more melting precipitation. The maximum rainfall rate also increased when aerosol layers existed at an altitude of 2.2-5.4 km and 8.0-12.6 km (for the LAYER2 and LAYER4 cases), but changed little when the aerosol layer appeared at 12.6-16.2 km (case LAYER5). It is interestingly noticed that the precipitation decreased when an aerosol layer located at 5.4-8.0 km (the LAYER3 case). This was caused by the smaller graupel mass mixing ratio (Table 2) with less melting rainfall, as discussed above. Simulation results shown by Lebo and Seinfeld [2011] demonstrated that with an increase in the IN number, the dynamic structure of deep convective clouds becomes small and may suppress precipitation. Different feedbacks for cloud microphysical and dynamic characteristics to lofted altitudes for the aerosol layers simulated here indicated a complicated relationship between aerosols and clouds.
The Variation of the Aerosol Concentration at Different Altitudes
[23] Figure 9 presents the time evolution of the mean concentration of aerosol particles at five altitudes (1.3 km, 3.7 km, 6.6 km, 10.2 km, and 14.4 km) for the CONTROL, LAYER1, LAYER2, LAYER3, LAYER4, and LAYER5 cases. The values were averaged over the horizontal between 220 and 290 km, the entire extent of the cloud. As seen in Figure 9 , the mean concentration of aerosol particles exhibited higher values within initial layers, and with the exception of values at 1.3 km the particle concentrations increased after 120 min of simulation. The mean particle concentrations at 3.7 km decreased for all cases from 20 to 40 min, corresponding to the appearance of the first peak updraft ( Figure 5 ) that subsequently led to the enhancement of aerosol loading at an altitude of 6.6 km. A decrease in the particle number concentration at lower levels indicates that some of the particles were transported upward. Actually, this led to the significant accumulation of aerosol particles at altitudes of 10.2 km during the 35-50 min simulation. An increased vertical velocity from 50 to 60 min also resulted in particles being transported to altitudes of 14.4 km, especially in the LAYER4 case, for which an aerosol layer existed at 8.0-12.6 km. The aerosol concentration in the lower troposphere was maintained at initial values and changed little during the development and dissipation stage of the cloud due to the presence of background aerosol in the model that continually compensated for particles in the lower troposphere via the convergence process.
[24] The onset of impaction scavenging of aerosols by hydrometers exhibited a positive correlation with cloud top height (Figure 10) . Maximum values for the impaction scavenging rate occurred at the altitude of 3.7 km for all simulations, and decreased with height. Wang [2005a] found that impaction scavenging was dominant within the lower and middle troposphere where the nucleation rate was relatively low. Scavenging rates for the two altitudes within the mid-troposphere (3.7 km and 6.6 km) increased again after 55 min, which corresponded to the stage with stronger precipitation (Figure 8 ). In Figure 8 , one can also see that the scavenging rates were higher at their initial altitudes for the LAYER2, LAYER3, LAYER4, and LAYER5 cases, but had nearly no effect on scavenging rates near the surface (1.3 km).
Vertical Profiles of Aerosol Concentration
[25] Figure 11 provides the vertical profiles of the mean concentration of aerosol particles at the initial time and after 75 min of simulation. For the LAYER2 to LAYER5 cases, Figure 11 indicates that the particle concentrations in the original layers at 75 min were lower than that at the initial time, but at the level near the surface, the reverse was true, that is, the concentrations were higher at 75 min than that at the initial time, mainly due to the complement effect through the convergence process as mentioned above.
[26] Two peaks in values within the vertical profile of the aerosol concentration for the CONTROL case were evident. One peak appeared at the level of approximately 3-4 km (Figure 11b) , and was related to the initial vertical profile. The other manifested itself at the level of 12-14 km, demonstrating the effect of upward transport by convection. For the LAYER1 case, due to the enhancement of aerosol loading near the surface at the initial time, the vertical profile only displayed one marked peak value at an altitude of 12-14 km. For the LAYER2 and LAYER3 cases, in which aerosol layers were present within the mid-troposphere, the vertical profiles had two peaks, one at the altitudes of their initial layers (at 3.7-5.4 km, and 6.1-8.0 km), and another that appeared at 12-14 km. An investigation of vertical transport in a mesoscale convective system by Barthe et al.
[2011] also demonstrated two peaks in the vertical profiles for mid-tropospheric tracers. One peak was found at their initial layers, and the other was found at 13-14 km in altitude. The authors suggested that mid-tropospheric air is important for feeding the upper troposphere.
[27] Figure 11 also implies that aerosol particles within the boundary layer and within the mid-troposphere can be efficiently transported to the upper troposphere via deep convection. Aerosol concentrations at 13.5 km altitude increased by a factor of 7.71, 5.36, and 5.16, respectively, in the LAYER1, LAYER2, and LAYER3 cases, with a more notable effect when aerosol increased in the boundary layer (the LAYER1 case).
[28] A group of sensitivity tests were conducted to determine whether the results are robust to different aerosol conditions, in which aerosol layers added at different altitudes based on clean condition (the number concentrations of background aerosol for these tests were assumed to be 1/4 of CONTROL case). The results exhibited similar aerosol effect on updrafts, with significant enhanced vertical velocities occurred when aerosol layer existed at the boundary layer. In order to separate the effects of the vertical transport scheme on the vertical distribution of aerosol particles, we also conducted separate sensitivity tests in which aerosol particles were added to the boundary layer (referred to as the LAYER1-a case) and the mid-troposphere (referred to as the LAYER2-a and LAYER3-a cases), without considering the feedback of aerosol layers on dynamic and microphysical processes. The results indicated a slightly weaker but still more efficient transport effect for the LAYER1-a case as compared to the LAYER2-a and LAYER3-a cases, consistent with the study of Barthe et al. [2011] who highlighted the importance of tracer transport into the upper troposphere from layers near the surface (0-1.5 km).
The Characteristics of the Particle Size Spectra at UT
[29] The averaged spectra of aerosol particles for all of the simulations at 120 min are presented in Figure 12 . The vertical transport of aerosol particles larger than 0.01 mm in radius were examined in the present study (Figure 2a ). In the CONTROL case, the number concentration of the Aitken mode and a part of the accumulation mode (0.1-0.2 mm) particles at UT (at 14.3 km altitude) increased as a result of convective transport (the solid line in Figure 12 ), and agreed with the studies of Ekman et al. [2006] , Hermann et al. [2008] , as well as Tulet et al. [2010] , who demonstrated that particles smaller than 1 mm can reach the upper troposphere through deep convection due to inefficient scavenging. Aerosol particles at altitudes above the midtroposphere (higher than 6.6 km) were significantly enhanced when an aerosol layer existed at the boundary layer (LAYER1) and in the mid-troposphere (LAYER2 and LAYER3), with a more notable effect found in the LAYER1 case (Figure 9 ). When aerosol layers were present at UT altitudes (cases LAYER4 and LAYER5), cloud and precipitation scavenging had little influence on the aerosol size distribution of their initial layers (Figures 12e and 12f) . However, the number of particles smaller than 0.5 mm at an altitude above 12.6 km markedly increased in the LAYER4 case, due to the outflow of convection.
Summary and Conclusions
[30] Spectral bin microphysical schemes [Tzivion et al., 1987; 1989; Reisin et al., 1996; Yin et al., 2005] were implemented into the cloud resolving model [Tao et al., 2003] in order to investigate the effects of aerosol layers on cloud development and the vertical transport of aerosols by deep convection. The parameterization of ice formation proposed by DeMott et al. [2010] was used for the prediction of ice crystals. A convective cloud event that occurred on 1 December 2005 in Darwin, Australia was simulated using the coupled model, and was compared with available radar measurements. The results indicated that the main characteristics of the storm were well reproduced by the model, especially for the horizontal and vertical structure of the convective core.
[31] Aerosol layers located at five different altitudes were purposely added in order to understand how aerosols transported to the UT by deep convection are sensitive to the origin of aerosol layers, and the effect of aerosol layers on cloud development, as well as the dynamic structure of clouds. Sensitivity tests indicated that aerosol particles originating from the boundary layer (the LAYER1 case) can be transported upward more efficiently, as compared to those from the mid-troposphere, due to the significantly increased vertical velocity of the development stage of convection through the reinforced homogeneous freezing of droplets. Aerosol layers enhanced at altitudes above the boundary layer, i.e., cases LAYER2 to LAYER5, had little influence on cloud dynamic processes, but precipitation increased in most cases when an aerosol layer was present, except for the case when added aerosol appeared at 5.4-8.0 km (the LAYER3 Figure 10 . As in Figure 8 , but for average impaction scavenging rate of aerosol particles. Figure 11 . Vertical distribution of the concentration of aerosol particles at 75 min of simulation.
case). For this case, the smaller graupel mass resulted in less precipitation.
[32] For aerosol layers within the mid-troposphere, vertical profiles for aerosols exhibited two peaks as a result of cloud processing -one at the initial layer and the other at the altitude of 12-14 km. Aerosol concentrations at altitudes of 13.5 km were enlarged by factors of 7.71, 5.36, and 5.16 when the aerosol layer existed at 0-2.2 km, 2.2-5.4 km, and 5.4-8.0 km, respectively, and when the Aitken mode and a portion of accumulation mode (0.1-0.2 mm) particles could be transported to the UT. When the layer lofted to an altitude above 12.6 km, upward convective transport had almost no influence on the size distribution of aerosols at the initial level.
[33] The findings of this paper were limited to the specific parameterizations of sub-grid mixing used for the simulations. Takemi and Rotunno [2003] investigated the effects of sub-grid mixing in mesoscale cloud simulations, and pointed out that different choices of parameters in turbulence-closure schemes could affect the development of convective cloud. Since the upward transport of aerosols that we studied here may be sensitive to the evolution of vertical velocity over cloudy regions to some extent, further studies aimed at quantifying the uncertainties in the parameterizations are needed. Moreover, the emphasis of the present study was based on the individual development of a convective cloud. Different cloud types, atmospheric thermodynamic conditions, as well as varied vertical velocities, may change the results due to complex aerosol-cloud interactions and the strong dependence of transport efficiency on updrafts, and should also be considered in future studies [Ekman et al., 2007; Fan et al., 2007] .
